
 

1 

 1 

 2 
 3 

Tropical Intraseasonal Variability in Version 3 of the GFDL Atmosphere Model 4 

 5 

 6 

James J. Benedict* and Eric D. Maloney 7 
Department of Atmospheric Science, Colorado State University, Fort Collins, CO 8 

Adam H. Sobel 9 
Department of Applied Mathematics and Department of Earth and Environmental Sciences, 10 

and Lamont-Doherty Earth Observatory 11 

Columbia University, New York, NY 12 

Dargan M. Frierson 13 
Department of Atmospheric Sciences, University of Washington, Seattle, WA 14 

Leo J. Donner 15 
Geophysical Fluid Dynamics Laboratory/NOAA, Princeton, NJ 16 

Submitted to:   17 

Journal of Climate 18 

22 February 2012 19 

19 June 2012 (revised) 20 

 21 
Corresponding author address:  Jim Benedict, Department of Atmospheric Science, Colorado State University, Fort Collins, 22 
CO 80523-1371.  E-mail:  jim@atmos.colostate.edu23 

 



 

2 

Abstract 24 

 25 

 Tropical intraseasonal variability is examined in version 3 of the Geophysical Fluid Dynamics 26 

Laboratory Atmosphere Model (AM3).  Compared to its predecessor AM2, AM3 uses a new treatment 27 

of deep and shallow cumulus convection and mesoscale clouds.  The AM3 cumulus parameterization is 28 

a mass flux-based scheme but also, unlike that in AM2, incorporates subgrid-scale vertical velocities; 29 

these play a key role in cumulus microphysical processes.  The AM3 convection scheme allows multi-30 

phase water substance produced in deep cumuli to be transported directly into mesoscale clouds, which 31 

strongly influence large-scale moisture and radiation fields. 32 

 We examine four AM3 simulations, using a control model and three versions with different mod-33 

ifications to the deep convection scheme.  In the control AM3, using a convective closure based on 34 

CAPE relaxation, both the MJO and Kelvin waves are weak compared to those in observations.  By 35 

modifying the convective closure and trigger assumptions to inhibit deep cumuli, AM3 produces reason-36 

able intraseasonal variability but a degraded mean state.  MJO-like disturbances in the modified AM3 37 

propagate eastward at roughly the observed speed in the Indian Ocean but up to twice the observed 38 

speed in the West Pacific.  Distinct differences in intraseasonal convective organization and propagation 39 

exist among the modified AM3 versions.  Differences in vertical diabatic heating profiles associated 40 

with the MJO are also found.  The two AM3 versions with the strongest intraseasonal signals have a 41 

more prominent “bottom-heavy” heating profile leading the disturbance center and “top-heavy” heating 42 

profile following the disturbance.  The more realistic heating structures are associated with an improved 43 

depiction of moisture convergence and intraseasonal convective organization in AM3.44 
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Section 1.  Introduction 45 

 In the tropical atmosphere, variability on 20-100 day time scales (hereafter, “intraseasonal”) is 46 

dominated by the Madden-Julian Oscillation (MJO; Madden and Julian 1971).  Kelvin and equatorial 47 

Rossby waves modify tropical precipitation and wind distributions on shorter timescales.  In the Indo-48 

Pacific region, these disturbances typically involve a coupling between moist convection and the large-49 

scale flow field.  General circulation models (GCMs) use parameterizations to represent the bulk effects 50 

of these convective clouds on grid-scale heat, moisture, and momentum budgets. GCM simulations are 51 

often strongly sensitive to the choice of convective parameterization and parameter variations within a 52 

given parameterization scheme (e.g., Maloney and Hartmann 2001).  The challenges of accurately simu-53 

lating subgrid-scale clouds and the sensitivity to the convective parameterizations used have contributed 54 

to a poor depiction of intraseasonal convective systems in many GCMs (Slingo et al. 1996, Lin et al. 55 

2006, Kim et al. 2009). 56 

 In this study, we examine intraseasonal convective disturbances in version 3 of the Geophysical 57 

Fluid Dynamics Laboratory (GFDL) Atmosphere Model (AM3; Donner et al. 2011).  For selected diag-58 

nostics, we also compare the AM3 results to those of its predecessor, AM2 (Anderson et al. 2004).  Two 59 

important differences distinguish AM3 from AM2:  (1) the AM3 deep convective parameterization uti-60 

lizes plume momentum budgets to compute cumulus cell-scale updraft speeds, and (2) AM3 uses a sepa-61 

rate parameterization to assess the impact of dynamically active mesoscale anvil clouds on the large-62 

scale heat and moisture budgets following Donner (1993).  Vertical air motion within cumulus cells is 63 

closely linked to microphysical processes which in turn play a primary role in determining the rate of 64 

condensate formation in the cumulus cells.  This condensate in cumuli is the dominant source of water 65 

substance for neighboring anvil clouds, which are a common feature of tropical convective systems and 66 

can significantly affect the local radiation budget (Houze 1982).  Observational studies suggest that a 67 
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substantial portion (20-60%) of total tropical precipitation is associated with stratiform mesoscale cloud 68 

systems (Houze 1989, Schumacher and Houze 2003, Yuan and Houze 2010).  Whereas conventional 69 

convective parameterizations treat only direct interactions between cumuli and their grid-scale environ-70 

ment, the AM3 scheme accounts for mesoscale circulations that modulate the exchange of water sub-71 

stance as well as the radiative, dynamic, and thermodynamic properties within the cloud-environment 72 

system. 73 

 Aside from the changes to the deep convective parameterization mentioned above, the AM3 also 74 

implements advanced treatments of shallow convection, cloud-aerosol interactions, and stratosphere-75 

troposphere coupling relative to AM2.  Full details of the standard AM3 simulations are provided in 76 

Donner et al. (2011), but here we highlight results relevant to this study.  The AM3 parameterizations 77 

are tuned to produce an optimal mean state but some climatological biases remain, including excessive 78 

deep convection in the Indian Ocean and West Pacific regions.  Tropical interannual variability is broad-79 

ly consistent with observations (see Fig. 18 in Donner et al. 2011), but subseasonal features such as Kel-80 

vin waves, the MJO, and tropical cyclones are poorly simulated.  Donner et al. (2011) indicate that mod-81 

ifications made to the convective closure and trigger assumptions improve aspects of intraseasonal con-82 

vection but also increase mean state biases, a common trade-off found in most GCMs (e.g., Kim et al. 83 

2011).  We will examine additional details of this and other modified AM3 simulations in Section 3. 84 

 A key linkage between parameterized convection and the depiction in GCMs of intraseasonal 85 

convective disturbances involves spatial structures of moistening and diabatic heating.  In nature, con-86 

vectively active regions often exhibit a top-heavy heating structure with a peak occurring between 400-87 

500 hPa (e.g., Yanai et al. 1973).  In a time mean sense, this profile is known to result from the com-88 

bined effects of deep convective, stratiform, and shallow convective heating (Houze 1982, Lin and 89 

Johnson 1996, Lau and Wu 2010).  However, cloud systems evolve on hourly to intraseasonal time 90 
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scales with characteristic heating profiles during each phase of their life cycle.  Lin et al. (2004) noted 91 

that the structure of maximum diabatic heating tilts westward with height for MJO disturbances, and that 92 

this tilt was associated with a progression of shallow to deep to stratiform cloud types.  This westward 93 

tilt with height is a common feature of many organized tropical convective systems as discussed in nu-94 

merous observational and theoretical studies (e.g., Moncrieff 1992, 2004; Kiladis et al. 2005).  Lau and 95 

Wu (2010) used the Tropical Rainfall Measuring Mission (TRMM) Precipitation Radar to highlight the 96 

cumulus deepening and the transition to stratiform clouds during different MJO stages.  A similar evolu-97 

tion in cloud populations and their associated heating structures is seen in many other convectively cou-98 

pled equatorial waves (Kiladis et al. 2009). These heating structures can drive multi-scale circulations 99 

that broadly impact moisture availability, atmospheric stability, and thus the probability and characteris-100 

tics of future convection.  Numerous theories related to such feedbacks between convective heating and 101 

large-scale circulations have been proposed (e.g., Hayashi 1970, Emanuel 1987, Neelin et al. 1987, 102 

Wang 1988, Emanuel 1993), but an accurate, comprehensive model has yet to be established. 103 

 Several modeling studies have investigated the relationships between heating structures and in-104 

traseasonal convection.  It is clear that simulated intraseasonal convective systems are sensitive to the 105 

vertical structure of diabatic heating, but exactly what type of heating structure is most favorable for 106 

generating and sustaining such disturbances in GCMs remains under debate.  Some studies show that 107 

simulated MJO intensity and propagation can be improved if the contributions to the total heating profile 108 

by grid-scale stratiform heating become larger (Fu and Wang 2009, Seo and Wang 2010).  Others have 109 

emphasized bottom-heavy shallow convective heating rather than top-heavy stratiform heating as being 110 

a primary contributor to tropical intraseasonal disturbances (Wu 2003, Zhang and Mu 2005, Li et al. 111 

2009, Jia et al. 2010).  The balance of evidence suggests that each heating structure—shallow, deep, and 112 

stratiform—contributes in some way to the observed space-time patterns of intraseasonal convective dis-113 
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turbances.  Recent work has underscored the importance of three-dimensional heating in MJO simula-114 

tions.  In one GCM study, the vertical heating profile is artificially adjusted to determine the optimal 115 

profile required for a realistic MJO simulation (Lappen and Schumacher 2011).  The authors conclude 116 

that an accurate representation of the horizontal variation in the shape of the vertical heating profile—117 

rather than a single representative vertical heating structure—is critical to generate a realistic MJO.  The 118 

prominent role that spatially varying vertical heating profiles play in the simulation of intraseasonal 119 

convective systems is also noted in reduced-complexity models (Khouider and Majda 2007; Kuang 120 

2008;  Khouider et al. 2011). 121 

 The purpose of this study is to investigate changes to the depiction of intraseasonal convective 122 

systems that result from adjustments made to the deep convective parameterization scheme of the GFDL 123 

AM3.  Our study complements the preliminary results of the AM3 simulation reported in Donner et al. 124 

(2011), but also examines in much greater detail the ability of modified versions of the model to produce 125 

realistic intraseasonal disturbances.  Questions that we seek to address include:  (1) What are the space-126 

time and spectral characteristics of intraseasonal variability in the control AM3, and how does this com-127 

pare to previous results from AM2 simulations?  (2) Can we tune the AM3 to produce more realistic in-128 

traseasonal variability by making convection more inhibited, as is typical of many other GCMs (e.g., 129 

Tokioka et al. 1988)?  If so, does the tuning degrade the mean state as in many other GCMs (e.g., Kim et 130 

al. 2011)?  (3) Do moisture convergence and vertical heating profiles associated with the simulated in-131 

traseasonal disturbances vary systematically across our ensemble of modified AM3 simulations? 132 

 A description of the AM3, modifications made to its deep convection scheme, and the validation 133 

data sets used in this study are provided in Section 2.  We review the simulation results in Section 3.  In 134 

Section 4, we discuss the mechanisms associated with changes to the intraseasonal convective systems 135 

in the modified AM3 simulations.  Concluding remarks are given in Section 5. 136 
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 137 

 138 

Section 2.  Data and Model Description 139 

 We analyze daily averaged output from two simulations of the AM2 and four simulations of the 140 

AM3 to investigate how modifying parameters of the deep convection scheme influences the tropical 141 

mean state and subseasonal variability.  Each model is run for 11 years, with the first year of output dis-142 

carded to account for model spin-up.  All simulations are forced by observed long-term seasonal cycle 143 

monthly means in sea surface temperatures (SSTs) and sea ice concentrations1. 144 

 The AM2 simulations examined in this study are identical to those used by Sobel et al. (2010).  145 

AM2 utilizes a hydrostatic, finite-difference dynamical core run on a staggered Arakawa B horizontal 146 

grid with 2° latitude and 2.5° longitude resolution.  A 24-level hybrid sigma-pressure coordinate system 147 

is used in the vertical, with 9 levels in the lowest 1.5 km of the atmosphere and a 3 hPa top.  All moist 148 

convection is parameterized using a modified version of the relaxed Arakawa-Schubert scheme (RAS) 149 

of Moorthi and Suarez (1992).  In this scheme, a spectrum of convective plumes exists, and each mem-150 

ber has a characteristic lateral entrainment rate.  Closure of the system of equations is based on a relaxa-151 

tion of the cloud work function [or, convective available potential energy (CAPE) for a non-entraining 152 

parcel] back to a reference value over a specified time scale (Arakawa and Schubert 1974, see Eq. 2 in 153 

Wilcox and Donner 2007).  The version of RAS used in the AM2 simulations shown in this study does 154 
                                                
1 AM2 is forced by the 1981-1999 mean annual cycle derived from version 2 of NOAA’s Optimum In-

terpolation SST and sea ice dataset (OI.v2; Reynolds et al. 2002), while AM3 uses the 1981-2000 mean 

annual cycle from a data product that combines OI.v2 with version 1 of the Hadley Centre SST and sea 

ice dataset (Hurrell et al. 2008).  For the purposes of our simulations, the two data sets are nearly identi-

cal. 
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not parameterize convective downdrafts.  We note that this exclusion might hinder AM2’s ability to cor-155 

rectly simulate MJO disturbances, as evidenced in Maloney and Hartmann (2001) who found that in-156 

traseasonal variability increases (becomes more realistic) when convective downdrafts are activated in 157 

the RAS scheme.  Convective momentum transport (CMT) is represented by including an additional 158 

term Kcu ∝ γMC in the vertical momentum diffusion coefficient, where MC is the total cumulus mass flux 159 

and γ is a dimensionless constant whose value is chosen to minimize errors in mean and interannual 160 

tropical precipitation patterns while still being within a range suggested by cloud-resolving modeling 161 

studies (see Eq. 1 in Anderson et al. 2004).  The downgradient diffusive treatment of CMT ensures nu-162 

merical stability but strongly reduces tropical transient eddy activity relative to more conventional mass-163 

flux-based formulations.  This degradation is partially alleviated by suppressing deep convective for-164 

mation for updrafts with lateral entrainment rates below a minimum threshold µmin = α/D, where α is a 165 

positive constant and D is the planetary boundary layer depth (Tokioka et al. 1988).  In practice, α can 166 

be increased or reduced to make suppression of deep convection stronger or weaker, respectively (e.g., 167 

Hannah and Maloney 2011).  Stronger suppression of convection in this manner tends to increase the 168 

overall rate of subseasonal transient eddies in the tropics (e.g., Tokioka et al. 1988;  Kim et al. 2011).  169 

Additional details of the AM2 setup are provided in Anderson et al. (2004). 170 

 Many features of AM3 differ markedly from those of AM2.  AM3 has a finite volume dynamical 171 

core on a cubed-sphere horizontal grid.  The use of a cubed-sphere configuration, characterized by hori-172 

zontal grid cell sizes ranging from 163 km to 231 km, greatly increases computational efficiency.  Alt-173 

hough the standard version of AM3 used in Donner et al. (2011) uses 48 levels and an advanced treat-174 

ment of chemistry, the version used here has 32 levels and implements a simplified chemistry scheme as 175 

described in Salzmann et al. (2010) to increase computational efficiency.  This “simplified” AM3 has 176 

more stratospheric levels than the AM2, but fewer than the standard AM3 (Donner et al. 2011).  177 
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 Compared to AM2, AM3 implements new parameterizations for shallow and deep convection.  178 

Shallow convection is represented by a modified version of the Bretherton et al. (2004) scheme (see 179 

Zhao et al. 2009).  Interactions among vertically dominant deep convective cells2, their associated hori-180 

zontally dominant mesoscale anvil clouds, and the environment are parameterized as described in Don-181 

ner (1993), Donner et al. (2001), and Wilcox and Donner (2007).  Because anvil clouds can have a sub-182 

stantial impact on precipitation and the radiation budget in the Tropics (Houze 1982, Houze 1989), some 183 

representation of mesoscale cloud effects, even if simplified, is desirable.  The Donner formulation in-184 

corporates both cumulus cell-scale vertical momentum dynamics as well as traditionally implemented 185 

mass fluxes to diagnose the multi-phase water budget of the cloud-environment system.  Cumulus mi-186 

crophysical processes are strongly dependent on vertical velocity w within convective cells, and the 187 

condensate produced within these cells is the dominant source of water substance to neighboring anvil 188 

clouds.  Cumulus-scale w is computed using a steady-state equation in which vertical advection of verti-189 

cal momentum is changed by entrainment, condensate loading, and buoyancy (see Eq. 6 in Donner 190 

1993).  Figure 1 depicts graphically the vapor and condensate pathways handled by the Donner deep 191 

convection scheme, although we note that two simplified versions of the AM3 discussed below do not 192 

treat all pathways.  Within each member of a spectrum of cumulus plumes with characteristic entrain-193 

ment rates, condensate can be formed within convective updrafts (CU), evaporated directly into the envi-194 

ronment near the cloud top (ECE), evaporated within convective downdrafts (ECD), removed from the 195 

cloud as precipitation (RC), or transferred to an adjacent anvil cloud as liquid (CA) or vapor (Q’mf).  Wa-196 

ter substance supplied by cumulus cells to the dynamically active anvil cloud can undergo additional 197 

                                                
2 A requirement for activation of the deep convection parameterization is that a rising air parcel must 

exhibit a pressure difference of at least 500 hPa between its level of free convection and level of neutral 

buoyancy. 
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phase changes:  condensate can be formed within mesoscale updrafts (CMU), removed as precipitation 198 

(RM), or evaporated into the GCM grid-scale environment from mesoscale updrafts (EME) or downdrafts 199 

(EMD).  We note that ECD = 0 for two simplified versions of the AM3 (AM3-CTL and AM3-A). 200 

 Numerous simplifying assumptions within the Donner scheme are a direct result of the limited 201 

number of observations describing the physical processes within the cloud systems.  For example, the 202 

moisture budget partitioning outlined above uses a semi-empirical approach based upon a very limited 203 

number of tropical convective system case studies from Leary and Houze (1980).  Vertical profiles of 204 

evaporation and sublimation within cumulus updrafts and downdrafts also remain highly uncertain. Fur-205 

ther details of the AM3 model setup can be found in Donner et al. (2011) and references therein. 206 

 We summarize key differences among the deep convection parameterizations in Table 1.  The 207 

two AM2 simulations are identical except that the minimum entrainment parameter µmin is four times 208 

larger in the AM2-TOK simulation compared to the AM2 control run (AM2-CTL).  A larger µmin essen-209 

tially represents stronger suppression of the deepest convective plumes, which has been shown to im-210 

prove the depiction of intraseasonal convective disturbances in some GCMs (Tokioka et al. 1988, Han-211 

nah and Maloney 2011).  In the AM2, non-precipitated condensate is transferred to grid-scale stratiform 212 

clouds.  Evaporation of some (or all) of the condensate is then possible depending on the environment 213 

and history of the stratiform clouds, which are prognostically parameterized.  Additionally, a CAPE re-214 

laxation closure assumption is used as described previously (Eq. 2 in Wilcox and Donner 2007). 215 

 Although the control AM3 simulation, AM3-CTL, uses the same type of closure assumption as 216 

in the AM2 runs, the convective parameterization is based upon the scheme of Donner (1993).  In AM3-217 

CTL, activation of deep cumulus formation is precluded if convective inhibition (CIN) is above 100 J 218 

kg-1.  Additionally, a single CAPE threshold (1000 J kg-1) and relaxation time scale are applied to the 219 

entire cumulus ensemble, whereas in AM2 the thresholds are assigned by each sub-ensemble member.  220 
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The AM3-CTL is tuned such that 10% of non-precipitated condensate formed in convective updrafts is 221 

exposed to the environment and possibly evaporated while the remaining 90% is transported into 222 

mesoscale clouds.  AM3-A uses condensate partitioning identical to AM3-CTL but with modified con-223 

vective closure and trigger assumptions.  The modified closure assumption (Zhang 2002) is based on the 224 

idea that CAPE fluctuations associated with free-tropospheric temperature fluctuations driven by large-225 

scale processes are balanced by changes in CAPE due to cumulus activity (see Eq. 3 in Wilcox and 226 

Donner 2007).  In addition to the CAPE and CIN thresholds used to restrict deep convection activation 227 

in AM3-CTL, each AM3 experimental simulation employs a triggering mechanism requiring that time-228 

integrated low-level ascent must exceed a selected value in order for deep cumuli to form (see Eqs. 6 229 

and 7 in Donner et al. 2001). AM3-B is identical to AM3-A but incorporates a new partitioning of cu-230 

mulus condensate, where 25% of non-precipitated condensate is evaporated within convective 231 

downdrafts, 13% is evaporated directly into the environment, and 62% is entrained into mesoscale up-232 

drafts.  The numerical values of the partitioning are based on observations of tropical convective sys-233 

tems as reported in Leary and Houze (1980).  As a final modification in the experimental suite, AM3-C 234 

implements a more realistic CAPE calculation.  For simplicity, CAPE is typically computed under the 235 

assumption that no mixing occurs between a rising parcel and its environment (“undilute” CAPE).  This 236 

zero-entrainment assumption results in an unrealistically weak sensitivity of CAPE to free-tropospheric 237 

humidity and temperature (Donner and Phillips 2003, Holloway and Neelin 2009).  Versions 3 and 4 of 238 

NCAR’s Community Climate System Model have shown a more realistic depiction of intraseasonal var-239 

iability with the dilute CAPE approach (Neale et al. 2008, Subramanian et al. 2011, Zhou et al. 2012).  240 

In AM3-C, all CAPE calculations involve parcel-environment mixing whose strength is dependent on an 241 

assumed fractional entrainment rate µ = 2 × 10-4 m-1 that is constant with height.  This choice of µ is rep-242 

resentative of weakly entraining deep convection (Romps 2010).  In order to experiment with changes in 243 
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evaporation from convective cells and CAPE relaxation, AM3-B and AM3-C use a cloud model with 244 

higher vertical resolution in the deep convection parameterization, which has been coded to allow for 245 

these experiments3.  The changes in the parameterization for deep cumulus convection associated with 246 

the higher-resolution cloud model are summarized in Section 3e of Donner et al. (2011).  In addition, the 247 

least-entraining member of the cumulus ensembles in AM3-B and AM3-C occurs only 45% as frequent-248 

ly as in AM3-A and AM3-CTL, with an entrainment coefficient 54% larger. 249 

We use several data sources for validation of our results.  Two types of comparisons are con-250 

ducted:  (a) long-term climatological comparisons, and (b) comparisons of intraseasonal convective dis-251 

turbances.  Because the AM simulations are forced by ~1980-2000 seasonal cycle SSTs, we compare 252 

climatologies of simulated precipitation and 850 hPa zonal wind with 1980-2000 mean Global Precipita-253 

tion Climatology Project (GPCP; Adler et al. 2003) rainfall and ECMWF Reanalysis-Interim (hereafter 254 

abbreviated “ERAI”; Berrisford et al. 2009) winds, respectively. 255 

The statistical behavior and physical structure of intraseasonal convective disturbances simulated 256 

by the AM2 and AM3 are compared to several validation data sets that span the 1999-2008 time win-257 

dow. Although this validation period is mostly outside of the 1980-2000 window used to construct the 258 

mean seasonal cycle SSTs that drive the AM simulations, it does allow us to utilize daily gridded precip-259 

itation products from the Tropical Rainfall Measuring Mission (TRMM) that are available only after late 260 

1997.  The 1999-2008 time window exhibits a slightly stronger El Niño SST pattern compared to the 261 

                                                
3 In Donner (1993), the cumulus cloud model (cf., Eqs. (5)-(7) therein) is solved on its own vertical grid 

(10 hPa resolution) to better capture the variations with height of the cumulus properties.  The more 

computationally efficient version of the parameterization used in AM3, which instead uses the same ver-

tical grid as AM3, was coded such that these experiments could more easily be done using the higher 

resolution Donner (1993) version. 
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1980-2000 window (not shown), but the differences are not substantial and we believe that observed in-262 

traseasonal disturbances sampled from the 1999-2008 window are representative of the MJO.  Total pre-263 

cipitation for the 1999-2008 period is taken from the TRMM 3B42 version 6 product, which blends 264 

space-borne microwave and infrared retrievals and also scales the resulting 3-hr precipitation estimates 265 

to be consistent with monthly rain gauge measurements (Huffman et al. 2007).  OLR data are derived 266 

from NOAA’s suite of polar orbiting satellites (Liebmann and Smith 1996).  All remaining dynamic and 267 

thermodynamic variables are taken from ERAI.  For a uniform comparison, all data are daily averaged, 268 

linearly interpolated to a 2.5° horizontal grid, and resampled to the 27 ERAI standard pressure levels. 269 

 270 

Section 3.  Results 271 

a.  Global energy budget 272 

 We examine the net energy budget at the Earth’s surface (SFC) and atmosphere top (TOA) for 273 

observations and the AM simulations in Table 2.  Only small differences in the net surface longwave 274 

and sensible heat fluxes are found between the different AM versions.  Modifications of AM convective 275 

parameterizations examined in this study have a larger impact on net surface shortwave and latent heat 276 

fluxes.  For example, globally averaged surface shortwave flux increases (becomes more negative, indi-277 

cating a larger flux into the surface) but is partially compensated by an increase in latent heat flux.  At 278 

the atmosphere top, the modified versions of the AM3 have enhanced net shortwave that is mostly offset 279 

by increased OLR.  With the exception of AM3-B, net energy budget residuals at the SFC and TOA are 280 

less than |4 W m–2|.  All AM versions examined indicate net atmospheric column energy budget residu-281 

als less than about |0.1 W m–2|. 282 
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 283 

b.  Boreal winter means 284 

 Observed intraseasonal convective disturbances are influenced by the climatological state in 285 

which they exist (e.g., Hendon and Salby 1994).  A review of many GCM simulations reveals that mod-286 

els with excessive mean precipitation in the equatorial West Pacific often generate larger intraseasonal 287 

precipitation variability (Slingo et al. 1996, Kim et al. 2011).  Additionally, several GCM experiments 288 

indicate a link between the accurate depiction of tropical time-mean zonal winds and realistic MJO 289 

eastward propagation (Inness et al. 2003, Sperber at al. 2005).  Figure 2 illustrates climatological boreal 290 

winter (November-April) precipitation for the 20-year GPCP data set (Fig. 2a) as well as the biases for 291 

all AM simulations (panels b-g).  The AM2 and AM3 overestimate globally averaged annual precipita-292 

tion by about 10-20%.  In the boreal winter, these biases are largest in the western Indian and Pacific 293 

Ocean basins, the Pacific intertropical convergence zone (ITCZ), and the South American west coast.  A 294 

weak dry bias is noted near and west of Java in most AM simulations examined.  In AM3-CTL, AM3-A, 295 

and AM3-C, a dry bias also appears in the equatorial West Pacific. 296 

 Recent analyses of global energy balances and cloud and aerosol properties based on the 297 

CALIPSO, CloudSat, and MODIS satellites indicate that GPCP global mean precipitation could be bi-298 

ased low.  Kato et al. (2011) show net surface irradiances consistent with global mean precipitation 15% 299 

to 20% more than GPCP and still within estimated GPCP uncertainty (their Fig. 15).  Accordingly, the 300 

precipitation overestimates relative to GPCP in AM2 and AM3, which increase in the modified AM3 301 

versions examined in this study, may not be consequential. 302 

 A comparison of climatological boreal winter 850 hPa zonal winds (hereafter, “U850”) between 303 

1980-2000 ERAI and the 10-yr AM simulations (Fig. 3) indicates that AM2-CTL and AM3-CTL are 304 

able to reproduce the strip of equatorial low-level westerlies across the Indian Ocean, but that this region 305 
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does not extend far enough into the West Pacific.  For example, U850 westerlies extend to 175°E in 306 

ERAI but only to 135°E and 150°E in the AM3-CTL and AM2-CTL, respectively.  The modified ver-307 

sions of the AM2 and AM3 tend to improve the eastward extension of low-level westerlies (e.g., to 308 

160°E in AM2-TOK and 155°E in AM3-C) but also underestimate their strength over the eastern Indian 309 

Ocean, where magnitudes drop to less than 1 m s–1 compared to 3-4 m s–1 in ERAI.  In the extreme case, 310 

AM3-B actually produces U850 easterlies of ~0.5 m s–1 over the eastern Indian Ocean (Fig. 3f).  For all 311 

AM simulations, low-level boreal winter mean easterlies are too strong across southern Asia, the sub-312 

tropical Pacific, and Central America. 313 

 Figure 4 shows boreal winter mean vertical profiles of relative humidity between 60°-160°E for 314 

ERAI and the humidity differences between each AM simulation and ERAI.  Although only relative 315 

humidity profiles are displayed here, comments on other variables are included in this discussion.  As 316 

documented in previous studies, the cool-troposphere and warm-stratosphere temperature biases in the 317 

AM2-CTL are reduced in the AM3-CTL (see middle column of Table 3; Anderson et al. 2004, Donner 318 

et al. 2011).  Cool biases of 2-4K in the middle to upper troposphere of the climatological deep con-319 

vecting region (10°S-5°N, 60°-180°E) are evident in the AM2-TOK and all modified AM3 simulations, 320 

however, while tropical boundary layer temperatures are within a few tenths of a degree from the values 321 

indicated by ERAI (Table 3).  Zero (for AM3) or weakly positive (for AM2) biases in boundary layer 322 

relative humidity are noted in Fig. 4.  A moist bias above 500 hPa in AM3-CTL (Fig. 4d) is strongly re-323 

duced and even reverses sign in the modified AM3 versions.  For example, Fig. 4g shows relative hu-324 

midity values that are nearly 20% lower than ERAI (Fig. 4a) in the equatorial mid-troposphere.  The 325 

cool and dry biases in the modified AM3 are likely linked to deep convection suppression that results 326 

from the changes made to the convective parameterization.  Regarding vertical profiles of convective 327 

heating Q1 (see Eq. 1 from Lin and Johnson 1996) using identical space-time averaging as in Fig. 4, the 328 
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levels and magnitudes of maximum heating among the reanalysis and AM simulations are qualitatively 329 

similar4.  One exception is that the maximum of November-April mean heating shifts from the Northern 330 

Hemisphere (5°N) in AM3-CTL to the Southern Hemisphere (2.5°S) in all modified versions of AM3 331 

(not shown).  All AM simulations tend to overestimate heating and rising motion north of the Equator 332 

and underestimate heating south of the Equator during boreal winter.  A persistent and unrealistic sec-333 

ondary maximum of convective heating near 125 hPa is also noted in the AM within 10° of the Equator 334 

(not shown). 335 

 336 

c.  Zonal wavenumber-frequency spectra 337 

 Decomposing a total field into its zonal wavenumber and frequency components allows a suc-338 

cinct view of tropical wave activity.  We compute such spectra for the AM2 and AM3 output data using 339 

the methods of Wheeler and Kiladis (1999).  Figure 5 depicts power spectra of the symmetric compo-340 

nent of tropical precipitation for observations and a selection of AM simulations.  Panels a-f each consist 341 

of a pair of plots showing the base-10 logarithm of the summation of spectral power from 15°S-15°N 342 

(“raw” spectrum; top) and the raw spectrum divided by a smoothed background spectrum (“significant” 343 

spectrum; bottom).  Negative zonal wavenumbers are associated with disturbances that propagate west-344 

ward, positive wavenumbers with those that propagate eastward.  Figure 6 shows the same spectra as 345 

Fig. 5 but zoomed into the MJO spectral region.  Relative to the AM2-CTL (not shown), AM2-TOK ex-346 

hibits a shift of the maximum intraseasonal power from westward- to eastward-propagating disturbances 347 

but continues to lack Kelvin wave activity that is prevalent in nature (Fig. 5a).  As in AM2-TOK, previ-348 

                                                
4 The accuracy of computing the pressure level of peak convective heating is complicated by the mod-

el’s vertical resolution in the mid-troposphere.  Approximate layer-midpoint pressures in this area are: 

392, 461, 532, and 600 hPa. 
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ous modeling studies have also reported that MJO variability generally becomes more realistic through 349 

the use of stronger moisture triggers—more stringent requirements for high humidity to be present in 350 

some layer in order for parameterized deep convection to occur—in the deep convection parameteriza-351 

tion (e.g., Lin et al. 2008).  Stronger triggers were found to increase the contributions of large-scale con-352 

densation, making model convection more sensitive to environmental moisture.  Lin et al. (2008) attrib-353 

ute the slower and more intense disturbances to a reduction in gross moist stability, as was demonstrated 354 

in earlier studies using an idealized moist GCM (Frierson 2007). 355 

The modifications made to the AM3 convective parameterization generally have a positive im-356 

pact on the depiction of tropical precipitation variability relative to the control simulation, at the expense 357 

of a degraded mean state as seen in Fig. 2 and noted in Donner et al. (2011).  Implementation of a modi-358 

fied convective closure (Zhang 2002) and trigger (Donner et al. 2001) dramatically improves precipita-359 

tion variability associated with Kelvin waves, the MJO, inertio-gravity waves (e.g., Figs. 5d and 6d), and 360 

mixed Rossby-gravity waves (not shown) compared to AM3-CTL (Fig. 5c).  Consistent with Fig. 5, 361 

maps of variance of MJO-filtered precipitation (not shown) show a marked improvement for the modi-362 

fied AM3 compared to AM3-CTL despite an overestimation of variability in the Northern Hemisphere 363 

ITCZ.  As in the case of AM2, the peak in intraseasonal power shifts from a westward to eastward prop-364 

agation preference in AM3 when a convective parameterization that suppresses deep cumuli is imple-365 

mented.  In the antisymmetric precipitation spectra (not shown), modified AM3 versions have improved 366 

(larger) power in the MJO region but the signal-to-noise ratio is not significant.  Despite these improve-367 

ments, several differences between the observed and modified AM3 precipitation spectra are evident.  368 

Overall, total variance is overestimated in the modified versions of AM3, consistent with the findings of 369 

Kim et al. (2011).  Raw power for westward-propagating disturbances on subseasonal time scales (~6-90 370 

days) is overestimated as well.  The power within the MJO spectral region (zonal wavenumbers +1 to 371 
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+5, periods 20-90 days) is also moderately overestimated and exhibits a maximum closer to a 25-35-day 372 

period compared to the observed ~45-day period (Fig. 6; see Table 4).  Additionally, the significant 373 

spectra show that Kelvin wave power shifts to smaller equivalent depths (slower phase speeds) and low-374 

er frequencies in the AM3 simulations that incorporate more stringent convective triggers (Fig. 5d-e), in 375 

agreement with Frierson et al. (2011).  In AM3-C, low-frequency eastward-propagating disturbances 376 

resemble convectively coupled Kelvin waves rather than the MJO, as is shown here in Figs. 5 and 6 and 377 

later in Fig. 8.  The ability of AM3-A to simulate the combination of equatorial Rossby and Kelvin 378 

waves and MJO disturbances makes it an appealing testbed for future studies of tropical intraseasonal 379 

variability. 380 

 Recent work by Roundy (2012a,b) suggests that in nature there is a smooth transition of spectral 381 

power between the MJO and Kelvin bands in regions of climatological low-level westerlies, in contrast 382 

to the spectral gap that arises within the dominant easterly trade regime.  In the modified AM3, Kelvin 383 

power shifts to lower frequencies and smaller equivalent depths (slower phase speeds) and the gap be-384 

tween MJO and Kelvin spectral peaks is less noticeable, particularly for AM3-C.  However, the low-385 

level westerlies—the presence of which contribute to the smooth MJO-Kelvin transition in Roundy 386 

(2012a)—are weaker in the modified AM3 compared to AM3-CTL (cf. Fig. 3), and the smooth MJO-387 

Kelvin transition follows the h=12m shallow water equivalent depth line rather than h=5m as in Roundy 388 

(2012a). 389 

 We present zonal wavenumber-frequency spectra of U850 for ERAI, AM2-TOK, and AM3-C in 390 

Figures 7a-c, respectively. Both the AM2 and AM3 generate zonal wind variability associated with 391 

equatorial Rossby and Kelvin waves and the MJO, but several biases exist.  AM2-CTL and AM3-CTL 392 

underestimate power for low-frequency Kelvin waves and the MJO (not shown).  All AM simulations 393 

overestimate zonal wind variability in the spectral area where high-frequency Kelvin waves merge with 394 
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eastward inertia-gravity waves.  AM2-TOK produces Kelvin waves with much higher phase speeds 395 

(larger equivalent depths) relative to ERAI, likely due to the absence of sufficient convective coupling 396 

(cf. Fig. 7a,b).  A persistent bias of the AM3 is the enhanced zonal wind variability of low-frequency 397 

Kelvin waves that is evident when the background spectrum is removed (bottom plot of Fig. 7c).  The 398 

clear separation of zonal wind spectral power between the MJO and low-frequency Kelvin waves near a 399 

16-day period in ERAI (Fig. 7a) is seen in AM2-TOK (Fig. 7b) but not in any of the AM3 simulations 400 

(e.g., Fig. 7c; AM3-A and AM3-B U850 spectra are qualitatively similar to AM3-C and so are omitted 401 

from Fig. 7).  The absence of an MJO-Kelvin spectral gap in U850 occurs despite no enhancement of 402 

climatological low-level westerlies over the Indo-Pacific region in the AM3 compared to AM2 (see 403 

Roundy 2012a).  Modified versions of the AM3 do, however, produce slower and more realistic Kelvin 404 

wave phase speeds, suggesting an improvement in the coupling between tropical convection and dynam-405 

ics in AM3.  A reduction in Kelvin wave phase speed is noted when the dilute CAPE approximation is 406 

implemented in the AM3, compared to the non-dilute CAPE case.  The dilute CAPE approach is as-407 

sumed to represent a more inhibiting convective trigger in that, relative to the undiluted CAPE case, 408 

more instability is required to reach the CAPE threshold for deep convection (1000 J kg-1).  Our findings 409 

support the conclusions of Frierson (2007) and Frierson et al. (2011), who showed that slower Kelvin 410 

waves developed with more inhibiting convective triggers due to a reduction in gross moist stability. 411 

 412 

d.  Lag correlation 413 

 We present lag correlations between rainfall and U850 in Figure 8.  To construct these plots, we 414 

first apply a 20-100-day bandpass filter to anomalous precipitation and U850, where the anomaly is a 415 

departure from the smoothed calendar-day mean at each grid point.  The data are then latitudinally aver-416 

aged between 15°S-15°N.  We correlate the timeseries of precipitation at either 90°E or 150°E (left and 417 
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right columns of Fig. 8, respectively) with U850 over a range of time lags and longitudes.  Results from 418 

the AM2-CTL and AM3-CTL are not shown due to the inability of those models to produce realistic 419 

eastward-propagating intraseasonal convection.  Among the modified AM simulations shown, the cou-420 

pling between rainfall (which is approximately proportional to the vertically integrated diabatic heating) 421 

and U850 (which we take to be largely a dynamical response to the diabatic heating) is stronger in the 422 

AM3-A and AM3-C.  Although AM2-TOK produces realistic phase speeds for disturbances in the West 423 

Pacific, it has difficulty depicting a strong signal in the Indian Ocean (cf. Figs. 8c,d).  The modified 424 

AM2 and AM3 simulations tend to have a stationary or westward-moving U850 signal to the west of the 425 

regression base point at 90°E (Fig. 8, left column), in contrast to reanalysis.  The signal generated by 426 

AM3-A in the Indian Ocean (Fig. 8e) suggests that this model is able to simulate MJO phase speeds in 427 

that region better than AM3-B and AM3-C.  However, a general tendency exists for disturbances in the 428 

modified AM3 simulations to propagate too quickly, particularly when deep convection is moving 429 

across the West Pacific region.  For example, estimated phase speeds in the West Pacific are about 5 m 430 

s–1 in AM2-TOK but closer to 11 m s–1 in AM3-C (see Table 4).  This rapid propagation of convective 431 

disturbances in the modified AM3 may be partially attributed to the use of prescribed SSTs in the model.  432 

More realistic air-sea interactions, even in an idealized framework, have been shown to reduce the phase 433 

speed and enhance organization of the MJO in some GCMs (Zhang et al. 2006).  The faster speeds in the 434 

AM3-C are consistent with the poorly distinguished separation between the MJO and Kelvin spectral 435 

peaks in Fig. 6f and 7c and suggest that, particularly in the Pacific, the disturbances produced by the 436 

modified AM3 versions have characteristics more reminiscent of low-frequency convectively coupled 437 

Kelvin waves (Straub et al. 2010).  This assertion is supported by noting that, in the modified AM3, the 438 

pattern of low-level zonal wind anomalies differs from the observed MJO pattern in the Pacific (Fig. 8b) 439 

such that a negative correlation exists between intraseasonal rainfall and U850, and peak low-level east-440 
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erlies occur only a few days before the precipitation maximum (Fig. 8f,h,j).  This structure is more con-441 

sistent with observed convectively coupled Kelvin waves (Wheeler et al. 2000) than with the MJO (Ki-442 

ladis et al. 2005, Benedict and Randall 2007). 443 

 444 

e.  Lag regression 445 

 We present longitudinal cross sections of specific humidity for ERAI and several AM simula-446 

tions in Fig. 9.  Anomalous specific humidity is linearly regressed onto a standardized version of the 447 

precipitation index defined in Section 3d and then averaged between 15°S-15°N.  Plotted values repre-448 

sent humidity anomalies associated with a one standard deviation change in the precipitation index at 449 

zero time lag.  All modified AM versions underpredict the longitudinal extent and maximum value of 450 

positive humidity anomalies relative to ERAI.  The longitudinal structure of moisture appears to be 451 

strongly associated with the ability of the AM to realistically simulate eastward propagation of intrasea-452 

sonal convective systems, as seen in Fig. 8.  In particular, the models that perform best at producing the-453 

se disturbances (Figs. 9d, e, i, and j) show some evidence of shallow moistening that leads deep mois-454 

tening.  Low-level moistening leading deep moistening is apparent in the ERAI results (Figs. 9a,b) and 455 

in previous reanalysis- and radiosonde-based studies of the observed MJO (Kiladis et al. 2005, Kemball-456 

Cook and Weare 2001) and other convectively coupled equatorial waves (Kiladis et al. 2009). 457 

 Regression cross sections of convective heating Q1 for ERAI and modified AM3 versions are 458 

shown in Fig. 10.  We use a precipitation index based at 120°E and a 5°S-5°N latitude band to best dis-459 

play the vertically tilted heating profile in ERAI (Fig. 10a)5.  Although the overall width of positive 460 

heating is qualitatively correct in the AM3, all simulations produce a deep heating core that is too nar-461 

row and intense (by about 10-20%) compared to ERAI.  Additionally, the vertical gradient of lower-462 

                                                
5 The results shown are qualitatively consistent with those found using a 10°S-0° latitude band. 
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tropospheric heating is lessened during peak rainfall in the AM3 such that large positive heating extends 463 

closer to the surface.  This suggests an overabundance of shallow cumuli and congesti when rainfall is 464 

most intense in the modified versions of AM3.  A clear vertical tilt characterized by successive shallow, 465 

deep, and stratiform heating is evident in observations (Lin et al. 2004; Fig 10a).  AM3-A and AM3-C 466 

roughly capture the signature of shallow heating leading deep and stratiform heating, but AM3-B pro-467 

duces excessively deep heating both before and after peak rainfall.  We further discuss these heating and 468 

moisture structures and their potential ties to convective organization next. 469 

 470 

Section 4.  Discussion 471 

 Salient features and biases of the AM simulations are summarized in Table 4.  The results dis-472 

cussed in Section 3 indicate that an improved depiction of eastward-propagating intraseasonal disturb-473 

ances is achieved when mechanisms that suppress deep convection are implemented in the AM3.  This 474 

GCM behavior is not unique to the GFDL AM and is documented extensively in the modeling literature 475 

(e.g., Tokioka et al. 1988, Hannah and Maloney 2011, Kim et al. 2011).  The improvements made to 476 

convectively coupled Kelvin waves and the MJO come at the cost of a degraded mean state that includes 477 

a drying and cooling of the tropical troposphere and a possible overestimation of equatorial total precipi-478 

tation.  Additionally, phase speeds of the AM3-simulated eastward-propagating convective systems are 479 

faster than the observed MJO phase speed, particularly for disturbances in the West Pacific region (see 480 

Table 4).  Despite these deficiencies, the AM3 simulations provide new and useful information that may 481 

contribute to a better understanding of the physical processes associated with intraseasonal convective 482 

systems.  Our preliminary examination of the modified AM3 suggests a link between the degree of or-483 

ganization of intraseasonal disturbances and their corresponding heating and moisture structures (Figs. 9 484 
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and 10).  In this section, we investigate in greater detail how differences in these structures might impact 485 

the intraseasonal convective signals seen in the AM3. 486 

 Some GCM studies show that MJO simulation can be improved if the fraction of stratiform 487 

(grid-scale) to total precipitation is increased (Fu and Wang 2009, Seo and Wang 2010).  In these stud-488 

ies, MJO-like disturbances become much weaker when turbulent entrainment and detrainment along the 489 

edges of either deep or shallow convective plumes are set to zero [i.e., Eu
(1) = Du

(1) = 0 in Eq. 12 of 490 

Tiedtke (1989)].  The authors assert that detrainment from convective clouds moistens the grid-scale en-491 

vironment and promotes grid-scale precipitation.  The results of Fu and Wang (2009) emphasize the di-492 

rect interaction between grid-scale precipitation heating and low-frequency disturbances, and their ex-493 

planation of more vigorous MJO events invokes stratiform instability arguments  (Mapes 2000, Kuang 494 

2008).  To investigate the applicability of this hypothesis to the AM3, we present longitudinal cross sec-495 

tions of boreal winter mean total precipitation (Fig. 11a) and large-scale6 precipitation as a percentage of 496 

total precipitation (Fig. 11b).  In both AM2 and AM3, modifications that suppress deep convection and 497 

increase the percentage of time-mean grid-scale precipitation (Fig. 11b) are associated with enhanced 498 

intraseasonal variability (cf. Fig. 6).  Returning to Fig. 4, AM3-B is drier than AM3-A and AM3-C 499 

above 700 hPa but has equal or slightly higher humidity below 700 hPa.  This is qualitatively consistent 500 

with Fig. 8a of Fu and Wang (2009) and suggests that, in a comparison of AM3 simulations with identi-501 

cal convective closure and trigger assumptions, a drier mid-troposphere is associated with weaker in-502 

traseasonal disturbances.  Importantly, however, simply increasing the percentage of time-mean grid-503 

scale precipitation does not necessarily improve intraseasonal convective organization in the AM3.  Fig-504 

                                                
6 “Large-scale” precipitation reported in AM3 is from grid-scale stratiform clouds only and does not in-

clude contributions from mesoscale anvils, so a direct comparison to observed percentages of stratiform 

to total precipitation (e.g., Schumacher and Houze 2003) is not recommended. 
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ure 8 indicates that AM3-A and AM3-C have more robust and coherent signals of intraseasonal convec-505 

tive disturbances compared to AM3-B despite the fact that percentages of grid-scale precipitation, at 506 

least in the time-mean, are larger in AM3-B (Fig. 11b).  We also examined the behavior of grid-scale 507 

precipitation fraction in an intraseasonal context.  To do this, we produced plots of anomalous daily 508 

grid-scale rainfall fraction regressed onto an MJO total precipitation index at various longitudes between 509 

60°E-180°E.  These results (not shown) agree with those depicted in Fig. 11b and indicate a greater grid-510 

scale rainfall fraction in AM3-B compared to AM3-A or AM3-C.  Additional work is needed to clarify 511 

the interactions among humidity, grid-scale precipitation, and the depiction of intraseasonal disturbances 512 

in the AM3. 513 

 We further investigate the link between convection and large-scale circulations by examining 514 

Indo-Pacific boreal winter mean convective mass fluxes that are output directly from the AM3 convec-515 

tive parameterizations (i.e., are not computed using grid-scale vertical velocities; Fig. 12).  Our modifi-516 

cations to the convective closure and trigger assumptions strongly reduce upward mass fluxes by deep 517 

convective cells (second row of Fig. 12).  Upward mass fluxes within mesoscale anvils are also reduced 518 

in step with the weakened deep cumuli because these cumuli act as a main source of water substance for 519 

the anvil clouds.  In response to the suppressed deep convection, activity from the shallow convective 520 

scheme increases in the lower troposphere and expands upward (top row of Fig. 12).  Shallow convec-521 

tion is particularly enhanced in AM3-A and AM3-C relative to AM3-B.  We note that the shallow con-522 

vection scheme is that of a highly entraining plume, where the cloud top is a function of plume buoyan-523 

cy.  As such, modifications applied to the AM3 that limit the ability of deep convection to reduce insta-524 

bility ultimately result in stronger and deeper plumes produced by the shallow convection parameteriza-525 

tion.  The interplay between stratiform (grid-scale) and shallow convective activity in the AM3 is evi-526 

dent in a comparison of boreal winter mean rainfall associated with large-scale and shallow convective 527 
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processes (not shown).  In the AM3 simulations with robust intraseasonal variability (AM3-A and AM3-528 

C), time-mean shallow convection increases as grid-scale precipitation decreases.  The opposite behav-529 

ior occurs in the AM3 version with weaker intraseasonal variability (AM3-B). 530 

 Shallow convective activity may be stronger in a time-mean sense in the AM3-A and AM3-C 531 

simulations, but are these differences in diabatic heating manifested on intraseasonal scales as well?  532 

Figure 13 depicts the vertical structure of the effective heat source, Q1 (Yanai et al. 1973), taken from 533 

the linear regressions of Fig. 10 and averaged over selected longitude ranges to capture the dominant 534 

heating signatures to the west and east of peak rainfall at 120°E.  We omit heating profiles at the longi-535 

tude of peak rainfall because they are qualitatively similar among the models, with the exception that the 536 

modified AM3 version with weaker intraseasonal disturbances (AM3-B) has a slightly weaker upper-537 

tropospheric heating maximum (and thus a slightly less top-heavy profile) compared to AM3-A and 538 

AM3-C.  In Fig. 13b, the observed heating profile over the West Pacific is bottom heavy with a peak 539 

heating near 850 hPa and cooling in the mid-troposphere, in agreement with the TRMM-based results of 540 

Lau and Wu (2010).  A similar structure is noted for AM3-A and AM3-C, but AM3-B reveals a shallow 541 

heating peak closer to 725 hPa and a lack of cooling anywhere in the troposphere.  Similar differences 542 

between the AM3-B heating profiles and the TRMM results of Lau and Wu (2010) are seen to the west 543 

of maximum rainfall where stratiform processes are expected to dominate (Fig. 13a).  Here, top-heavy 544 

heating is evident in ERAI, with a peak near 450 hPa and a minimum in the lower troposphere.  The up-545 

per-level heating is too weak in all AM3 versions, but the modified AM3 versions with more robust in-546 

traseasonal disturbances (AM3-A and AM3-C) produce a much stronger reduction in low-level heating 547 

(and thus a larger vertical heating gradient in the middle troposphere) compared to AM3-B. 548 

 The shape of the vertical heating profile can impact the large-scale flow and thus the distribution 549 

of moisture and degree of atmospheric stability.  Wu (2003) argues that a bottom-heavy heating profile 550 
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associated with shallow convection generates stronger near-surface circulations and enhances low-level 551 

moisture convergence to the east of deep convection, and that this shallow heating can sustain MJO-like 552 

systems against dissipation.  Fig. 14 depicts anomalies of –∇ • qvh regressed onto a standardized precip-553 

itation index at 120°E, where q is specific humidity and vh is horizontal vector wind.  Both fields are 554 

averaged between 15°S-15°N.  In ERAI (Fig. 14a), positive moisture convergence anomalies develop 555 

within the boundary layer during the suppressed convective phase (i.e., in the West Pacific) and then 556 

gradually deepen toward the disturbance center.  A similar pattern is seen in AM3-A and AM3-C—the 557 

two modified AM3 versions with more robust intraseasonal disturbances—but the suppressed-phase 558 

moisture convergence in AM3-B is irregular and weak.  Boundary layer moistening along the leading 559 

(eastern) edge of the disturbance is mainly associated with meridional convergence (not shown).  This 560 

suggests that the convergence may be primarily frictional in origin, a process whose importance to the 561 

MJO has been debated (e.g., Wang 1988, Moskowitz and Bretherton 2000). 562 

 Figures 13 and 14 indicate a clear link between the vertical heating profiles and large-scale circu-563 

lations associated with intraseasonal convective disturbances in the AM3.  In the two modified AM3 564 

versions with the strongest inhibition of deep convection (AM3-A and AM3-C), time-mean shallow 565 

convective activity is enhanced relative to a third modified AM3 version with weaker deep convective 566 

suppression (AM3-B).  These differences in heating profiles are associated with subseasonal variability 567 

rather than simply being features of the time means.  In AM3-A and AM3-C, the peak of shallow con-568 

vective heating is more prominent and the vertical gradient of heating in the lower- to mid-troposphere 569 

is larger ahead of the intraseasonal deep convective center (Fig. 13).  This sharper heating peak effec-570 

tively drives low-level circulations and moisture convergence that can promote subsequent convective 571 

development.  A larger vertical gradient of upper-tropospheric heating associated with stratiform pro-572 

cesses is also seen in AM3-A and AM3-C relative to AM3-B (Fig. 13).  It is unclear exactly why the 573 
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stratiform signal trailing the deep convective center is enhanced in the modified AM3 versions with 574 

stronger deep convective suppression (AM3-A and AM3-C), although it seems plausible that the overall 575 

improved strength and organization of the disturbances themselves somehow promote improved organi-576 

zation of the heating.  Lau and Wu (2010) assert that horizontal variability of the vertical heating profile 577 

likely contributes to the modulation of intraseasonal deep convection and the transition of MJO phases.  578 

For example, those authors demonstrate that shallow cumulus heating preconditions the environment 579 

ahead of the MJO while stratiform heating entrains dry mid-tropospheric air and suppresses deep con-580 

vection following the MJO.  Together, the differences in the distributions of the simulated heating struc-581 

tures and their associated circulations are related to the degree of organization of intraseasonal convec-582 

tive disturbances in the AM3. 583 

 584 

Section 5.  Conclusions 585 

 Intraseasonal variability in four GFDL AM3 simulations is examined and compared to previous 586 

simulations of the AM2.  In contrast to AM2, AM3 employs new treatments of deep and shallow con-587 

vection.  In particular, cloud-aerosol interactions are introduced by computing cumulus cell-scale verti-588 

cal velocities, and the parameterization of convective cloud systems now includes dynamically active 589 

mesoscale clouds that modulate the transfer of water substance between cumuli and their environment.  590 

The default AM3 generates a realistic mean state but lacks intraseasonal variability.  Changes made to 591 

the deep convective closure and trigger assumptions inhibit the most penetrative cumuli and result in a 592 

substantial increase in the amplitude of eastward-propagating intraseasonal disturbances.  As is typical 593 

of many other GCMs (Kim et al. 2011), the improved simulation of intraseasonal variability comes at 594 

the cost of a degraded mean state that includes possible wet biases in equatorial precipitation and a 595 

weakening of low-level westerlies in the Indo-Pacific region. 596 
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 The eastward-propagating intraseasonal features produced by the modified AM3 versions have 597 

unrealistically narrow longitudinal scales and propagate at speeds closer to those of convectively cou-598 

pled Kelvin waves in the West Pacific (Wheeler et al. 2000).  Notable differences in the degree of con-599 

vective organization and signal coherence exist among the modified AM3 simulations and may be asso-600 

ciated with intraseasonal heating structures and their impact on low-level circulation and moisture avail-601 

ability, particularly for those processes related to shallow convection.  In the two versions of the AM3 602 

with the strongest MJO-like signal (AM3-A and AM3-C), a more prominent peak in shallow heating 603 

occurs with enhanced low-level convergence that increases moisture accumulation ahead of the deep 604 

convective center.  The tropospheric heating gradient and low-level convergence leading the convective 605 

center are substantially weaker in the AM3 version with more disorganized intraseasonal convection 606 

(AM3-B).  Following the deep convective center, AM3-A and AM3-C depict a more pronounced strati-607 

form heating signal relative to AM3-B.  Stratiform cloud processes can modulate intraseasonal deep 608 

convection and the transition of MJO phases (Lau and Wu 2010) and may also be contributing to the 609 

differences among the modified AM3 simulations in addition to shallow heating differences. 610 

 Although we have provided new insight into the mechanisms that contribute to intraseasonal 611 

convective organization within the GFDL AM3, many issues have yet to be addressed.  One such issue 612 

is the inability of the AM3 to produce a realistic mean state concurrent with a reasonable degree of in-613 

traseasonal variability.  Another involves the dilemma by which intraseasonal convection is improved.  614 

On one hand, we have found that suppressing deep convection enhances intraseasonal variability; how-615 

ever, deep convection suppression also limits the source of water substance for the mesoscale clouds that 616 

are clearly important in simulated and observed MJOs (Fu and Wang 2009, Lau and Wu 2010).  Addi-617 

tionally, our use of prescribed SSTs in the AM simulations precludes realistic air-sea interactions that 618 

strongly modulate intraseasonal convection in GCMs (Waliser et al. 1999) and in nature (Roundy and 619 
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Kiladis 2006).  Further research is warranted to explore these and other issues related to simulated in-620 

traseasonal convection in the AM3. 621 
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Figure Captions 894 

 895 
Figure 1.  Diagram of selected physical processes represented in the Donner deep convection scheme.  896 

Clouds associated with the cumulus (mesoscale) parameterizations are shaded gray (dark blue).  For any 897 

member of a spectrum of cumuli, condensate can be formed within convective updrafts (CU), evaporated 898 

directly into the environment (ECE) within the cloud-top zone, evaporated within convective downdrafts 899 

(ECD), removed from the cloud as precipitation (RC), or transported to a mesoscale anvil cloud as liquid 900 

(CA) or vapor (Q’mf).  Water substance provided by cumuli to the subgrid-scale anvil can undergo phase 901 

changes:  condensate can be formed within mesoscale updrafts (CMU), removed as precipitation (RM), or 902 

evaporated into the grid-scale environment from mesoscale updrafts (EME) or downdrafts (EMD).  The 903 

cloud-top zone, defined for each cumulus subensemble, is the region from 50 hPa below cloud top (pt) to 904 

10 hPa above pt (ptt).  The cloud-top pressure of the most penetrative cumulus plume is ptt
(d).  The 905 

mesoscale cloud updraft base pressure pzm occurs where Q’mf first becomes positive for the least penetra-906 

tive cumulus plume; its top extends to pztm, where pztm is set at the level of zero buoyancy (LZB) or 907 

pLZB–10 hPa, if pt for the deepest cell is less than pLZB.  Also, pztm is restricted to be no less than the 908 

pressure at the temperature minimum taken as an indicator of the local tropopause.  Sublimation associ-909 

ated with mesoscale downdrafts occurs in the layer from pzm to the surface (pg), and light blue shading 910 

fading to white represents the reduction in relative humidity as mixing with environmental air occurs. 911 

Mesoscale downdrafts can exist between pzm and pg, and their associated fluxes of moisture and temper-912 

ature are distributed as functions of height between pmd and cumulus cloud-base pressure pb and uni-913 

formly between pzm and pmd and between pb and pg. 914 

 915 
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Figure 2.  (a) 1980-2000 boreal winter mean GPCP precipitation and (b-g) the difference in boreal win-916 

ter mean precipitation between the GPCP dataset and each AM simulation.  Pattern correlations for the 917 

domain (20°S-20°N, 50°E-120°W) are shown to the upper right of each difference panel. 918 

 919 

Figure 3.  Climatological boreal winter mean 850 hPa zonal wind from (a) ERAI (1980-2000) and (b-g) 920 

the AM simulations analyzed.  The zero contour is shown with a thick black line. 921 

 922 

Figure 4.  Boreal winter mean relative humidity averaged between 60°-160°E for (a) ERAI, and (b-g) 923 

the (model–ERAI) humidity difference for each AM simulation. 924 

 925 

Figure 5.  Frequency-zonal wavenumber power spectra of the symmetric component (about the Equa-926 

tor) of precipitation for observations and a selection of AM simulations.  For each panel a-f, a pair of 927 

plots display the (top) base-10 logarithm of the summation of power between 15°S-15°N (raw spectrum) 928 

and (bottom) raw spectrum divided by a smoothed background spectrum.  Thick black lines represent 929 

dispersion curves for equivalent depths of 12, 25, and 50 m for equatorial Rossby (ER), Kelvin, and 930 

eastward and westward inertio-gravity waves (EIG and WIG, respectively) and the MJO.  Negative zon-931 

al wavenumbers correspond to westward propagation. 932 

 933 

Figure 6.  As in Fig. 5, but zoomed into the MJO spectral region. 934 

 935 

Figure 7.  As in Figure 5, but for 850 hPa zonal winds for (a) ERAI, (b) AM2-TOK, and (c) AM3-C. 936 

 937 
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Figure 8.  Lag correlations of 850 hPa zonal wind with precipitation at (left column) 90°E and (right 938 

column) 150°E.  Both fields are bandpass filtered (20-100 days) and averaged between 15°S-15°N.  Sol-939 

id (dashed) contours represent positive (negative) correlations that are shaded dark (light) gray if they 940 

exceed the 95% statistical significance level.  We use ERAI and TRMM for the observed wind and rain-941 

fall fields.  In the left panels, the index reference longitudes and the 5 m s–1 phase speed are marked by 942 

vertical and slanted thick lines, respectively.  Right panels also contain the 10 m s–1 phase speed line. 943 

 944 

Figure 9.  Lag-0 longitudinal cross sections of specific humidity anomalies linearly regressed onto a 945 

standardized 20-100-day filtered precipitation index timeseries at (left column) 90°E and (right column) 946 

150°E.  Humidity anomalies are departures from a smoothed calendar-day mean, and anomaly values 947 

represent a one standard deviation change in the index.  Both fields are averaged between 15°S-15°N.  948 

Positive (negative) anomalies that exceed the 95% statistical significance levels are shaded dark (light) 949 

gray.  We use ERAI and TRMM for the observed specific humidity and rainfall fields.  Index reference 950 

longitudes are marked by thick vertical lines.  Contour interval is ±0.1 g kg–1, and the ±0.05 g kg–1 951 

contour is also shown.  No zero contour is drawn. 952 

 953 

Figure 10.  As in Fig. 9, but for anomalous apparent convective heat source Q1 linearly regressed onto 954 

20-100-day filtered precipitation at 120°E.  All fields are averaged between 5°S-5°N.  Contours are 955 

±0.025, 0.05, 0.1, 0.2, 0.4, 0.6, 0.8, and 1.0 K day–1, with a contour interval of ±0.5 K day–1 for more 956 

extreme values.  The ±0.05 K day–1 contours are emboldened, and a 7-point weighted running mean has 957 

been applied in longitude to clarify heating patterns. 958 

 959 



 

45 

Figure 11. Longitudinal cross sections of boreal winter mean (a) total precipitation and (b) stratiform 960 

(grid-scale) precipitation as a percentage of total precipitation for all AM simulations.  Latitudinal 961 

bounds are 10°S-10°N.  Stratiform rainfall fraction was computed for each day prior to space-time aver-962 

aging. 963 

 964 

Figure 12.  Boreal winter mean parameterized mass fluxes from the (top) shallow convection scheme 965 

“UW_CONV”, (middle) deep convection scheme (upward only, “CELL_UP”), and (bottom) mesoscale 966 

cloud scheme (upward only, “MESO_UP”) for all AM3 simulations. 967 

 968 

Figure 13.  Vertical profiles of regressed apparent convective heating Q1 taken from Fig. 10 and aver-969 

aged between (a) 80°-100°E and (b) 150°-180°E. 970 

 971 

Figure 14.  As in Fig. 10, but for anomalous moisture convergence linearly regressed onto 20-100-day 972 

filtered precipitation at 120°E.  All fields are averaged between 15°S-15°N.  Here, q is specific humidity 973 

and vh is horizontal vector wind.  We use ERAI and TRMM for the observed wind, specific humidity, 974 

and rainfall fields.975 
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Table 1.  Key features of the deep convective parameterizations used in the AM2 and AM3 simulations 976 

examined in this study.  See text for further details. 977 

 978 
 979 
 Deep Convection Parameterization Non-precipitated Condensate Pathways 
 Scheme Closure 

Assumption 
Activation 

Trigger 
CAPE 

Dilution? 
Evaporation 

in 
Downdrafts 

Evaporation 
into Envi-
ronment 

Entrained 
into Anvil 

Clouds 
AM2-CTL RAS CAPE re-

laxation 
α = 0.025 no 0 1 — 

AM2-TOK RAS CAPE re-
laxation 

α = 0.1 no 0 1 — 

AM3-CTL Donner CAPE re-
laxation 

— no 0 0.1 0.9 

AM3-A Donner Zhang 
(2002) 

Time-integrated 
low-level parcel 

lifting 

no 0 0.1 0.9 

AM3-B Donner Zhang 
(2002) 

Time-integrated 
low-level parcel 

lifting 

no 0.25 0.13 0.62 

AM3-C Donner Zhang 
(2002) 

Time-integrated 
low-level parcel 

lifting 

yes 0.25 0.13 0.62 

 980 
981 
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Table 2.  Global mean energy budgets at the top of atmosphere (TOA) and Earth surface (SFC) for ob-982 

servational estimates (Trenberth et al. 2009) and all AM2 and AM3 simulations.  Observational esti-983 

mates reported in Trenberth et al. (2009) are derived from satellite retrievals (CERES, ISCPP, GPCP), 984 

climate models (CLM3), and various reanalysis products (e.g., NCEP; see Trenberth et al. (2009) for 985 

acronym descriptions).  Net flux components are also shown, including shortwave (SW) and longwave 986 

(LW) radiation, surface latent heat flux (LH; includes column heating from snow formation), and sur-987 

face sensible heat flux (SH).  Positive fluxes are into the atmospheric column, and flux units are W m–2. 988 

 989 
 990 
 OBS AM2-CTL AM2-TOK AM3-CTL AM3-A AM3-B AM3-C 

Time Range 2000-2004 10 yr 10 yr 10 yr 10 yr 10 yr 10 yr 

        
SFC        

Net SW –161.2 –162.1 –159.1 –161.6 –167.3 –163.5 –168.7 

Net LH +80.0 +85.6 +87.7 +88.5 +92.1 +95.0 +93.7 

Net LW +63.0 +57.0 +56.3 +55.2 +56.6 +56.1 +57.3 

Net SH +17.0 +18.8 +18.9 +16.5 +17.9 +18.5 +18.2 

NET SFC –0.9 –0.7 +3.7 –1.4 –0.7 +6.2 +0.6 

        
TOA        

Net SW +239.4 +238.0 +235.1 +236.0 +241.1 +237.6 +242.0 

Net LW –238.5 –237.4 –238.8 –234.6 –240.4 –243.8 –242.6 

NET TOA +0.9 +0.6 –3.8 +1.4 +0.7 –6.2 –0.6 

        
NET COLUMN 0.0 –0.1 –0.1 0.0 0.0 0.0 0.0 

 991 
992 
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993 

Table 3.  Climatological November-April temperature biases for the AM simulations.  Biases are com-

puted as the simulation differences from reanalysis, averaged horizontally within the region (10°S-5°N, 

60°E-180°) and vertically within the noted pressure levels. 
 

Simulation Averaged T Bias [K] 
200–500 hPa (8 levels) 

Averaged T Bias [K] 
900–1000 hPa (5 levels) 

AM2-CTL –1.79 +0.01 

AM2-TOK –3.85 –0.03 

AM3-CTL +0.22 +0.18 

AM3-A –2.17 +0.32 

AM3-B –2.24 –0.10 

AM3-C –3.49 +0.31 
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Table 4.  Summary of intraseasonal convective disturbances and Warm Pool mean state biases for ERAI 994 

and the AM simulations.  Columns include “U850” (qualitative bias description and eastward extent of 995 

boreal winter mean U850 equatorial westerlies), “RH” [relative humidity bias description in the upper 996 

and middle troposphere (approximately 200-400 hPa and 400-600 hPa, respectively) and boundary layer 997 

(BL; 900-1000 hPa)], “T” (temperature bias description), “MJO E/W” [ratio of eastward to westward 998 

spectral power for the symmetric component of precipitation in the MJO spectral region (periods 32-96 999 

d, zonal wavenumbers +1 to +3 (eastward) or –1 to –3 (westward)], “Kelvin” (qualitative comparison of 1000 

Kelvin waves between simulation and reanalysis based on significant power spectra in Fig. 5), “MJO” 1001 

[qualitative MJO comparison between simulations and reanalysis based on significant power spectra in 1002 

Fig. 6, where the approximate zonal wavenumber (“zwn”) and period (“T”) of the peak power are indi-1003 

cated], and “Speed” (approximate intraseasonal disturbance phase speed based on Fig. 8).  Other abbre-1004 

viations in the table include:  “IO” (Indian Ocean), “WP” (West Pacific), and “trop” (troposphere). 1005 

 1006 

 1007 

 1008 

(Table on following page) 1009 

 1010 

 1011 

 1012 

 1013 

 1014 

 1015 
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 Boreal Winter Mean Biases Intraseasonal Disturbances 

 U850 RH T MJO 
E/W 

Kelvin MJO Speed 
[m/s] 

ERAI 175°E – – 2.4 – – 5-6 

AM2-CTL realistic, 
150°E 

up-trop: dry 
mid-trop: moist 

BL: moist 

mid-trop: cool 0.9 very weak zwn 2-3, 
T~45d 

– 

AM2-TOK weak IO, 
realistic WP, 

160°E 

up-trop: dry 
mid-trop: dry 

BL: moist 

mid-trop: 
very cool 

 

1.4 very weak zwn 3, 
T~45d 

5 

AM3-CTL realistic, 
135° 

up-trop: moist small T biases 0.9 weak zwn 3, 
T~45d 

– 

AM3-A weak, 140°E up-trop: moist 
mid-trop: dry 

mid-trop: cool 
BL: warm 

1.5 slow zwn 2, 
T~30d 

6-10 

AM3-B very weak 
(IO easter-
lies), 160°E 

mid-trop: 
very dry 

 

mid-trop: 
cool 

1.4 slow zwn 1, 
T~35d 

5-7 

AM3-C weak, 155°E mid-trop: dry mid-trop: 
very cool 
BL: warm 

1.6 slow, merged 
with MJO 

signal 

zwn 1-2, 
T~20-30d 

6-11 

1016 
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 1017 

 1018 

Figure 1.  Diagram of selected physical processes represented in the Donner deep convection scheme.  1019 

Clouds associated with the cumulus (mesoscale) parameterizations are shaded gray (dark blue).  For any 1020 

member of a spectrum of cumuli, condensate can be formed within convective updrafts (CU), evaporated 1021 

directly into the environment (ECE) within the cloud-top zone, evaporated within convective downdrafts 1022 

(ECD), removed from the cloud as precipitation (RC), or transported to a mesoscale anvil cloud as liquid 1023 

(CA) or vapor (Q’mf).  Water substance provided by cumuli to the subgrid-scale anvil can undergo phase 1024 

changes:  condensate can be formed within mesoscale updrafts (CMU), removed as precipitation (RM), or 1025 

evaporated into the grid-scale environment from mesoscale updrafts (EME) or downdrafts (EMD).  The 1026 

cloud-top zone, defined for each cumulus subensemble, is the region from 50 hPa below cloud top (pt) to 1027 

10 hPa above pt (ptt).  The cloud-top pressure of the most penetrative cumulus plume is ptt
(d).  The 1028 
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mesoscale cloud updraft base pressure pzm occurs where Q’mf first becomes positive for the least penetra-1029 

tive cumulus plume; its top extends to pztm, where pztm is set at the level of zero buoyancy (LZB) or 1030 

pLZB–10 hPa, if pt for the deepest cell is less than pLZB.  Also, pztm is restricted to be no less than the 1031 

pressure at the temperature minimum taken as an indicator of the local tropopause.  Sublimation associ-1032 

ated with mesoscale downdrafts occurs in the layer from pzm to the surface (pg), and light blue shading 1033 

fading to white represents the reduction in relative humidity as mixing with environmental air occurs. 1034 

Mesoscale downdrafts can exist between pzm and pg, and their associated fluxes of moisture and temper-1035 

ature are distributed as functions of height between pmd and cumulus cloud-base pressure pb and uni-1036 

formly between pzm and pmd and between pb and pg.1037 
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 1038 

Figure 2.  (a) 1980-2000 boreal winter mean GPCP precipitation and (b-g) the difference in boreal win-1039 

ter mean precipitation between the GPCP dataset and each AM simulation.  Pattern correlations for the 1040 

domain (20°S-20°N, 50°E-120°W) are shown to the upper right of each difference panel.1041 
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 1042 

Figure 3.  Climatological boreal winter mean 850 hPa zonal wind from (a) ERAI (1980-2000) and (b-g) 1043 

the AM simulations analyzed.  The zero contour is shown with a thick black line.1044 
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 1045 

 1046 

Figure 4.  Boreal winter mean relative humidity averaged between 60°-160°E for (a) ERAI, and (b-g) 1047 

the (model–ERAI) humidity difference for each AM simulation.1048 
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 1049 
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Figure 5.  Frequency-zonal wavenumber power spectra of the symmetric component (about the Equa-1050 

tor) of precipitation for observations and a selection of AM simulations.  For each panel a-f, a pair of 1051 

plots display the (top) base-10 logarithm of the summation of power between 15°S-15°N (raw spectrum) 1052 

and (bottom) raw spectrum divided by a smoothed background spectrum.  Thick black lines represent 1053 

dispersion curves for equivalent depths of 12, 25, and 50 m for equatorial Rossby (ER), Kelvin, and 1054 

eastward and westward inertio-gravity waves (EIG and WIG, respectively) and the MJO.  Negative zon-1055 

al wavenumbers correspond to westward propagation.1056 
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 1057 

Figure 6.  As in Fig. 5, but zoomed into the MJO spectral region.1058 
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 1059 

 1060 

Figure 7.  As in Figure 5, but for 850 hPa zonal winds for (a) ERAI, (b) AM2-TOK, and (c) AM3-C.1061 
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 1062 

 1063 

Figure 8.  Lag correlations of 850 hPa zonal wind with precipitation at (left column) 90°E and (right 1064 

column) 150°E.  Both fields are bandpass filtered (20-100 days) and averaged between 15°S-15°N.  Sol-1065 

id (dashed) contours represent positive (negative) correlations that are shaded dark (light) gray if they 1066 

exceed the 95% statistical significance level.  We use ERAI and TRMM for the observed wind and rain-1067 

fall fields.  In the left panels, index reference longitudes and the 5 m s–1 phase speed are marked by ver-1068 

tical and slanted thick lines, respectively. Right panels also contain the 10 m s–1 phase speed line.1069 
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 1070 

 1071 

Figure 9.  Lag-0 longitudinal cross sections of specific humidity anomalies linearly regressed onto a 1072 

standardized 20-100-day filtered precipitation index timeseries at (left column) 90°E and (right column) 1073 

150°E.  Humidity anomalies are departures from a smoothed calendar-day mean, and anomaly values 1074 

represent a one standard deviation change in the index.  Both fields are averaged between 15°S-15°N.  1075 

Positive (negative) anomalies that exceed the 95% statistical significance levels are shaded dark (light) 1076 

gray.  We use ERAI and TRMM for the observed specific humidity and rainfall fields.  Index reference 1077 

longitudes are marked by thick vertical lines.  Contour interval is ±0.1 g kg–1, and the ±0.05 g kg–1 1078 

contour is also shown.  No zero contour is drawn.1079 
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 1080 

 1081 

Figure 10.  As in Fig. 9, but for anomalous apparent convective heat source Q1 linearly regressed onto 1082 

20-100-day filtered precipitation at 120°E.  All fields are averaged between 5°S-5°N.  Contours are 1083 

±0.025, 0.05, 0.1, 0.2, 0.4, 0.6, 0.8, and 1.0 K day–1, with a contour interval of ±0.5 K day–1 for more 1084 

extreme values.  The ±0.05 K day–1 contours are emboldened, and a 7-point weighted running mean has 1085 

been applied in longitude to clarify heating patterns.1086 



 

63 

 1087 

 1088 

Figure 11.  Longitudinal cross sections of boreal winter mean (a) total precipitation and (b) stratiform 1089 

(grid-scale) precipitation as a percentage of total precipitation for all AM simulations.  Latitudinal 1090 

bounds are 10°S-10°N.  Stratiform rainfall fraction was computed for each day prior to space-time aver-1091 

aging.1092 
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 1093 

 1094 

Figure 12.  Boreal winter mean parameterized mass fluxes from the (top) shallow convection scheme 1095 

“UW_CONV”, (middle) deep convection scheme (upward only, “CELL_UP”), and (bottom) mesoscale 1096 

cloud scheme (upward only, “MESO_UP”) for all AM3 simulations.1097 
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 1098 

 1099 

Figure 13.  Vertical profiles of regressed apparent convective heating Q1 taken from Fig. 10 and aver-1100 

aged between (a) 80°-100°E and (b) 150°-180°E.1101 
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 1102 

 1103 

Figure 14.  As in Fig. 10, but for anomalous moisture convergence linearly regressed onto 20-100-day 1104 

filtered precipitation at 120°E.  All fields are averaged between 15°S-15°N.  Here, q is specific humidity 1105 

and vh is horizontal vector wind.  We use ERAI and TRMM for the observed wind, specific humidity, 1106 

and rainfall fields. 1107 


